
Chapter 4
Radiocarbon in the Atmosphere

J.C. Turnbull, H. Graven and N.Y. Krakauer

4.1 Introduction

Carbon dioxide (CO2) is one of the most abundant and important atmospheric trace
gases. It is found naturally in the atmosphere with a preindustrial mole fraction
(“concentration”) of about 280 parts per million (ppm). It is stable in the atmo-
sphere, but exchanges readily with the surface reservoirs: the oceans (Chap. 5) and
terrestrial biosphere or land (Chap. 6). Both land and oceans naturally exchange
large amounts of C with the atmosphere. On long timescales, CO2 is also removed
from the atmosphere by rock weathering, but this very slow process will not be
discussed further here.

The land absorbs CO2 by photosynthetic uptake in plants and re-emits CO2 back
into the atmosphere by respiration from plants, animals, and soils (Fig. 4.1). This
process produces large daily and seasonal cycles in the atmospheric CO2 mole
fraction, but on an annual to decadal timescale, the natural land exchange is nearly
balanced. The gross one-way fluxes into and out of the land are about 120 peta-
grams of C per year (Pg C year−1) (Ciais et al. 2013), but the natural net annual
land flux historically was approximately zero.
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Ocean C uptake and release is via gas exchange with surface waters. When
upwelling water is low in dissolved CO2, atmospheric CO2 is absorbed and the
ocean acts as a C sink. Conversely, when upwelling water is CO2-rich, CO2 is
released and the ocean acts as a C source to the atmosphere. Many factors influence
the rate of exchange, and the gross one-way fluxes into and out of the ocean are
about 80 Pg C year−1 (Fig. 4.1), but on annual to decadal timescales, the net ocean
flux was, like the land flux, roughly neutral.

Over the past 150 years, the atmosphere has been perturbed by the introduction
of additional CO2 from anthropogenic activities, primarily the combustion of fossil
fuels and land-use change. The rate at which fossil fuel and land-use change C has
been added to the atmosphere is small compared to the large natural fluxes, but it
represents an additional one-way flux into the atmosphere that is not in balance.
This results in an accelerating buildup of CO2 in the atmosphere to the current mole
fraction of over 400 ppm (in 2015). However, this increase in atmospheric CO2

represents only about half of the *500 Pg C emitted by humans since 1850
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Fig. 4.1 Global C cycle showing natural C fluxes (black) and anthropogenic perturbations to the
C cycle (red). Units are Pg C for pools (boxes) and Pg C year−1 for fluxes (arrows). Numbers
shown here represent the midpoints of ranges published in Fig. 6.1 of Ciais (2013) with the
exception of the soil organic matter pool that harmonizes new numbers for permafrost with global
soil organic carbon inventories (Schuur et al. 2015)
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(Houghton 2008; Boden et al. 2012), and therefore, the other half must have moved
into the ocean and land C reservoirs. Understanding exactly how much CO2 is
emitted from anthropogenic sources such as fossil fuels and land-use change, and
the details of where, when, and how CO2 is absorbed into the ocean and land is vital
to predicting future atmospheric CO2 levels and hence future climate.

Measurements of CO2 in the atmosphere can potentially be used, in conjunction
with atmospheric transport models, to infer the locations and magnitudes of the
sources and sinks (release and uptake) of CO2. Yet measurements of CO2 mole
fraction in themselves are not always sufficient to pinpoint the locations and
magnitude of different sources and sinks with useful precision. Difficulties in doing
so arise from the sparseness of the atmospheric measurement network, uncertainties
and biases in the atmospheric transport models, and the inability to distinguish
between different sources, particularly when they are located within the same
region. A particular challenge is that the large gross fluxes of C into and out of the
biosphere are usually the dominant source of CO2 variability at any given time,
even though on the annual timescale, the net biospheric flux is roughly in balance
resulting in little or no net change in atmospheric CO2. Radiocarbon (14C) can
provide a window into the atmospheric CO2 budget, as different sources of CO2

vary in 14C content. This difference in source isotopic values allows partitioning of
atmospheric observations into their component sources using standard partitioning
models (Chap. 3).

In this chapter, we examine the controls on the 14C content of CO2 (
14CO2) in

the atmosphere over time in relation to CO2 itself, and the specific C cycle ques-
tions that can therefore be addressed with atmospheric 14C measurements. We
discuss not only atmospheric observations, but also how these observations are
interpreted using models of atmospheric transport, which describe the physical
mixing of the atmosphere (similarly, models of the ocean and biosphere C reser-
voirs are used to describe 14C movement through them). This discussion spans the
simplest conceptual model of addition of a gas into a single well-mixed (homo-
geneous) box of air, to multibox (heterogeneous) models where the atmosphere is
partitioned into a few latitudinal divisions, to full-fledged three-dimensional global
or regional atmospheric transport models.

We start by examining the terms of the CO2 and 14CO2 budgets (Sect. 4.2).
Then, we divide the atmospheric 14C history into five different time periods, defined
by times when different factors dominated atmospheric 14CO2. First, we consider
the preindustrial (before 1850) near steady state of 14CO2, investigating its sources
and sinks and how they differ from those of CO2 itself (Sect. 4.3). Next, we
examine the period from 1890 to 1945, when fossil fuel CO2 emissions started to
impact atmospheric 14CO2 (the Suess effect, Sect. 4.4). The bomb period from 1945
to 1985 follows (Sect. 4.5), when the production and redistribution of 14C from
aboveground nuclear weapons testing produced a major perturbation in atmospheric
14CO2 that propagated throughout the C cycle. The post-bomb period from 1985
until present is characterized by the strong dominance of fossil fuel emissions on
14CO2 (Sect. 4.6). We also discuss how other sources are impacted, and how this
can be used to examine C cycle processes. In Sect. 4.7, we suggest how
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atmospheric 14CO2 might continue to evolve in the future. In Sect. 4.8, we delve
into using 14CO2 as a tracer for recently added fossil fuel CO2, currently the most
widely used application of atmospheric 14CO2 measurements. This extended dis-
cussion of 14CO2 is followed by related approaches using 14C of other atmospheric
species, including CH4, carbon monoxide, and aerosols (Sect. 4.9). These have
been less extensively studied than CO2, but have potential for bringing new
understanding to a number of atmospheric processes. Atmospheric 14C is already
used in a diverse suite of applications, yet there remain outstanding questions and
future directions to be explored, which we address in Sect. 4.10.

4.2 Carbon Dioxide and Radiocarbon in the Atmosphere:
Overview

4.2.1 The Global Carbon Dioxide and Radiocarbon Budgets

The atmospheric CO2 budget can be described by:

dCa

dt
¼ Fp þFr þFao þFoa þFff ð4:1Þ

where Ca is the atmospheric CO2 burden. Fp and Fr are the CO2 fluxes into
(photosynthesis) and out of (respiration, biomass burning, etc.) the terrestrial bio-
sphere. From an atmospheric perspective, C uptake or release by vegetation due to
land-use change is indistinguishable from natural terrestrial C exchange and is
therefore implicitly included in these terms. Fao and Foa are the fluxes from the
atmosphere into the ocean and from the ocean into the atmosphere, respectively. Fff

is the flux into the atmosphere from fossil fuel emissions. In this notation, fluxes
into the atmosphere (Fr, Foa, Fff) are positive, and fluxes out of the atmosphere (Fp,
Fao) are negative.

The change in 14C can be described in a similar way as follows:

dCaDa

dt
¼ FpDp þFrDr þFaoDao þFoaDoa þFffDff þFcDc þFnDn þFdDd ð4:2Þ

where Δ is the 14C value of the denoted pool or flux (Tans et al. 1979). The 14C
budget has three extra terms. All of these terms are pure 14C fluxes, with, by
definition, 14C of 8.5 × 1014 ‰, so although the fluxes are very small, the impact
on 14CO2 can be large. Fc is the flux due to natural cosmogenic production of 14C in
the upper atmosphere. Fn is the flux due to (1) atmospheric nuclear weapons testing
(bomb 14C) and (2) the nuclear industry—primarily nuclear reactors, but also
including spent nuclear fuel reprocessing and other 14C production, such as 14C
created for isotopic labeling experiments and subsequently released to the atmo-
sphere. This term comprises 14C atoms created by humans. Fd is the negative flux
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due to radioactive decay, which is too small to influence decadal to century-scale
changes in atmosphere 14C and is ignored hereafter. This equation describes the
entire atmosphere as a single pool, but since the stratosphere, as the primary site of
cosmogenic production, is enriched in 14C relative to the troposphere, it can be
treated as a separate pool (Levin et al. 2010). Combining Eqs. 4.1 and 4.2, we
obtain

Ca
dDa

dt
¼ FrðDr � DaÞþFoaðDoa � DaÞþFffðDff � DaÞþFcðDc � DaÞ
þFnðDn � DaÞþFpðDp � DaÞþFaoðDao � DaÞ

ð4:3Þ

Each term on the right-hand side of Eq. 4.3 is an isoflux, the product of the
one-way gross CO2 flux and the isotopic difference between the source (or sink) and
the atmosphere. This difference is known as the isotopic disequilibrium. A small
CO2 flux can have a large isoflux if the isotopic disequilibrium between the
atmosphere and the reservoir is large, and conversely, a large CO2 flux can have a
small or zero isoflux if there is little or no isotopic disequilibrium between the
atmosphere and the reservoir. Isofluxes may be positive or negative, depending on
the sign of the isotopic disequilibrium, and the isoflux may be of a different sign
than the CO2 flux. When C is dissolved into the surface ocean or taken up by plants
(fixed by photosynthesis), the only change in isotopic composition is due to
mass-dependent fractionation during uptake, which is corrected for in the 14C
nomenclature (Chap. 3). Therefore, p and ao are by definition equal to a, so the
isotopic disequilibrium in uptake is zero. As a result, the last two terms in Eq. 4.3
that represent the isofluxes into the biosphere and oceans are equal to zero, and

Ca
dDa

dt
¼ FrðDr � DaÞþFoaðDoa � DaÞþFffðDff � DaÞ
þFcðDc � DaÞþFnðDn � DaÞ

ð4:4Þ

The remaining terms in Eq. 4.4 are all fluxes of CO2 into the atmosphere. So
measurements of 14CO2 detect the one-way gross fluxes into the atmosphere, rather
than the net fluxes that are detected by CO2 concentration measurements.

Four factors drive the isotopic disequilibrium in 14C between the sources and the
atmosphere: (1) natural production of 14C by interaction of nitrogen with cosmic
rays in the upper atmosphere; (2) anthropogenic production of 14C from nuclear
weapons testing and the nuclear industry; (3) fossil fuel emissions; and (4) the
reservoir age, which determines the 14C content in each C reservoir or source.
Radiocarbon decays in reservoirs that are out of contact with the atmosphere,
resulting in lower 14C, which can also be presented in terms of the 14C age or
reservoir age in units of years by relating 14C to the decay rate of 14C. The reservoir
age can be determined from the 14C content of the atmosphere at the time the C was
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taken up into the reservoir, together with the residence time of C in that reservoir. It
can also be determined empirically from measurements of the reservoir’s 14C value.

4.2.2 Atmospheric Transport Modeling of Radiocarbon

Interpretation of atmospheric observations of 14CO2 and CO2 requires an under-
standing of the movement and mixing of air, as well as the sources and sinks of
CO2. Carbon cycle and atmospheric transport models are used to build up detailed
descriptions of these interactions, and these descriptions can be tested and adjusted
by comparison with observations. The global budgets of both CO2 and 14CO2,
described in Eqs. 4.1 and 4.2, can be simulated by models with varying degrees of
resolution and complexity. Models of the terrestrial biosphere and ocean provide
information on the flux of C and the isotopic disequilibrium from each reservoir,
taking changes in atmospheric 14C into account. One example of this type of
modeling exercise is the global budgeting of CO2 and

14CO2 isofluxes for different
time periods shown in Tables 4.1, 4.2, and 4.3. Simulated isofluxes include
uncertainties that are the subject of ongoing research. These uncertainties relate to
the transport rates and pathways of C on land and in the ocean and the difficulty in
representing ecosystem and oceanic dynamics in models (Naegler and Levin 2009b;
Levin et al. 2010; Graven et al. 2012b, c). Uncertainty in the cosmogenic 14C
production rate is also significant, with various estimates differing by *25 % (Lal
1988; Masarik and Beer 1999). The source of CO2 from fossil fuel combustion is

Table 4.1 Idealized steady-state preindustrial 14C isofluxes to the atmosphere

Reservoir Estimated flux F
into the atmosphere
(Pg C year−1)

Δ14C difference
between reservoir
and atmosphere
(‰)

Isoflux
(Pg C ‰
year−1)

Impact on
Δ14CO2

(‰ year−1)

Oceans 85 ± 21a −65b −5500 ± 1400 −9 ± 2

Terrestrial
biosphere

52 ± 11c −4.5c −235 ± 55 −0.4 ± 0.1

Cosmogenic
production

6.5 ± 0.8 × 10−12
d

8.5 × 1014 5500 ± 700 9 ± 1

Annual
mean change

0 0

The isoflux is the product of the C flux and the isotopic difference between the reservoir and the
preindustrial atmosphere (a = 0 ‰). The impact of each isoflux on atmospheric 14CO2 is
calculated assuming a preindustrial CO2 mixing ratio of 280 ppm. Cosmogenic production
generates pure 14C, which equates to a Δ14C value of 8.5 × 1014 ‰
aHeimann and Maier-Reimer (1996)
bKey et al. (2004)
cNaegler and Levin (2009b)
dLal (1988), Masarik and Beer (1999)
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estimated using economic data on fuel use and carries an uncertainty of 5–10 % for
global emissions (Marland 2010).

Thus far, we have used Eq. 4.4 to describe the global 14C budget, yet we often
want to understand the C budget in smaller regions. The biosphere, fossil fuel, and
nuclear isofluxes are all predominantly over the Northern Hemisphere land. In
contrast, the ocean exchange is concentrated in the Southern Ocean, due to
upwelling of old water and fast wind-driven air–sea exchange there. These geo-
graphic differences result in a north–south interhemispheric gradient in 14CO2. The
cosmogenic production source is concentrated in the upper atmosphere at higher
latitudes because of the structure of the Earth’s magnetic field, but is roughly
symmetric between the two hemispheres (e.g., Lal 1988). There is also considerable
heterogeneity in the isofluxes at regional scales and through time. The mixing
timescale of the troposphere between hemispheres is about one year; it involves
barriers associated with the intertropical convergence zone near the equator, as well
as divergent subtropical and convergent subpolar regions (Jacob 1999). Mixing
occurs more rapidly in the west–east direction over the mid-latitudes of each
hemisphere due to predominantly zonal winds, with a timescale of a few weeks.

Table 4.2 Estimated 14C isofluxes to the troposphere in 1963 near the start of the bomb period

Reservoir Estimated flux F
into the atmosphere
(Pg C year−1)

Δ14C difference
between
reservoir and
atmosphere
(‰)

Isoflux (Pg C ‰
year−1)

Impact on
Δ14CO2

(‰
year−1)

Fossil fuels 2.8 ± 0.3a −1570f −4400 ± 400 −7 ± 1

Ocean 85 ± 21b −635g −54,000 ± 13,000 −80 ± 20

Terrestrial
biosphere

52 ± 11c −575c −30,000 ± 6000 −44 ± 9

Nuclear
weapons
testing

2.6 × 10−10 d 8.5 × 1014 220,000 320

Cosmogenic
production

6.5 ± 0.8 × 10−12
e

8.5 × 1014 5500 ± 700 8 ± 1

Annual
mean change

+140,000 +200

The isoflux is the product of the C flux and the isotopic difference between the reservoir and the
atmosphere (tropospheric Δ14CO2 = 570 ‰ for 1963; Levin et al. 2010). The impact of each
isoflux on atmospheric 14CO2 is calculated assuming an atmospheric CO2 mixing ratio of 319 ppm
for 1963 (Keeling and Whorf 2005). Note that this budget omits 14C accumulation in the
stratosphere
aMarland et al. (2006), including 10 % uncertainty in emissions
bHeimann and Maier-Reimer (1996)
cNaegler and Levin (2009b), assuming negligible change in 14C from preindustrial state
dLevin et al. (2010)
eLal (1988), Masarik and Beer (1999)
fZero 14C content, or −1000 ‰ in fossil C
gKey et al. (2004), assuming negligible change in 14C from preindustrial state
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Mixing with the stratosphere is slower, with a timescale of several years (Jacob
1999). This variability in the isofluxes and in atmospheric mixing results in spatial
and temporal variability in 14C and in CO2 mole fraction in the atmosphere.

Atmospheric observations are made at specific locations, and the atmospheric
variability needs to be understood to interpret these measurements at global,
regional, and local scales. Atmospheric transport models are commonly used to
address this. These models use a combination of theoretical formulations and
observations of meteorological parameters to describe atmospheric transport. The
isofluxes are then input to the model and convolved with the transport to obtain
simulated atmospheric 14C and CO2 mole fractions.

The simplest atmospheric transport models are box models that divide the
atmosphere into a few compartments or boxes, such as the GRACE model (Levin
et al. 2010). Typically, the global atmosphere is divided into 2–8 zonal bands
and/or separated vertically into troposphere and stratosphere boxes. A separate
stratosphere is particularly important for describing vertical gradients of 14C, since
this is the initial location of both cosmogenic 14C production and bomb-produced
14C. These simple box models typically work on time steps of one year. At each
time step, an estimated isoflux from each source (biosphere, ocean, fossil fuels,

Table 4.3 Estimated 14C isofluxes to the atmosphere in 1995 (post-bomb period)

Reservoir Estimated flux F
into the atmosphere
(Pg C year−1)

Δ14C difference
between reservoir
and atmosphere
(‰)

Isoflux
(Pg C ‰
year−1)

Impact on
Δ14CO2

(‰
year−1)

Fossil fuels 6.4 ± 0.6a −1115f −7100 ± 700 −9 ± 1

Ocean 85 ± 21b −60g −5100 ± 1200 −7 ± 2

Terrestrial
biosphere

52 ± 11c 25 ± 25c 1300 ± 1500 2 ± 2

Nuclear
weapons
testing

8 × 10−13 d 8.5 × 1014 700 1

Cosmogenic
production

6.5 ± 0.8 × 10−12
e

8.5 × 1014 5500 ± 700 7 ± 1

Annual
mean change

−4700 −6

The isoflux is the product of the C flux and the isotopic difference between the reservoir and the
atmosphere (using a atmospheric Δ14CO2 = 115 ‰ for 1995; Levin et al. 2010). The impact of
each isoflux on atmospheric 14CO2 is calculated assuming an atmospheric CO2 mixing ratio of
361 ppm for 1995 (Keeling and Whorf 2005). Note that if mixing is assumed to occur only in the
troposphere, then these values increase by about 25 %
aMarland et al. (2006), including 10 % uncertainty in emissions
bHeimann and Maier-Reimer (1996)
cNaegler and Levin (2009b)
dUNSCEAR (2000)
eLal (1988), Masarik and Beer (1999)
fZero 14C content, or −1000 ‰ in fossil C
gKey et al. (2004)
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nuclear industry, and cosmogenic production) is entered into each box. The isoflux
estimates are best guesses that are usually determined offline from other models or
information. The isofluxes are mixed between the atmospheric boxes using simple
parameterizations of the mixing rates between the various boxes. These box models
can approximate the overall latitudinal patterns observed in both CO2 concentration
and in 14C isotope ratios, and can be used to test isoflux estimates. Simple models
are computationally cheap, so they are often used to examine variability over long
time periods of hundreds to thousands of years. However, their simplicity means
that they cannot adequately describe more detailed regional and temporal
variability.

More complex global atmospheric transport models divide the world into many
more boxes. Typically, the Earth’s surface is gridded into boxes of up to a few
degrees (100–500 km) on a side, and between 15 and 100 vertical levels. As
computing time and storage become cheaper, these models are moving to higher
resolution (more gridboxes). These models usually ingest meteorological obser-
vations to force the transport, but can also be driven by their own physics-based
simulation of atmospheric transport, or some combination of the two. The largest
difficulty comes in dealing with phenomena that occur at a smaller scale than the
gridboxes and must be parameterized, convective mixing being one example.
These models are immensely helpful in understanding observed distributions. They
are widely used in inversions, a method of adjusting the a priori flux estimates to
optimize the agreement between observations and model simulations (Gurney et al.
2002). Typically, a set of a priori flux estimates are obtained from bottom-up
inventory information and/or process models such as terrestrial and ocean C cycle
models and gridded to the same spatial and temporal scale as the atmospheric
transport model. These fluxes are ingested into the model to provide simulated 14C
and CO2 mole fractions. The simulated and observed values are compared, and
adjustments (typically using least squares minimization) are made to the fluxes to
improve the agreement between the two, obtaining improved flux estimates, known
as a posteriori fluxes. Thus far, 14CO2 inversions have been done in only a sim-
plified way, whereby model simulations are performed with several different sets of
a priori fluxes to test which fluxes agree best with the observations (e.g., Turnbull
et al. 2011).

However, more work is needed to improve the accuracy of the atmospheric
transport models. Most atmospheric transport models do not accurately predict the
vertical transport of tracers such as CO2, leading to too much or not enough
accumulation in the surface boundary layer (Stephens et al. 2007). As yet, only a
handful of simulations with three-dimensional atmospheric transport models have
been performed with a complete depiction of the 14C isofluxes (Randerson et al.
2002; Turnbull et al. 2009b; Miller et al. 2012). These studies have shown that over
the continents in the post-bomb period (since 1985), the 14C variability is usually
dominated by the fossil fuel isoflux (Sect. 4.6). Thus, the models can be used to
simulate continental 14CO2 gradients resulting from fossil fuels and compare them
to observed 14CO2 gradients (Sect. 4.8).
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Regional models are similar to global atmospheric transport models, but allow
increased spatial and temporal resolution by modeling only a small portion of the
atmosphere. They typically cover regions with spatial extent of a few hundreds to
thousands of kilometers and often only examine the lower regions of the atmo-
sphere. The higher resolution is beneficial for regional studies, but these models
must address “boundary conditions”—the mixing ratios and isotopic values of air
entering the edges of the model domain (Hsueh et al. 2007; Palstra et al. 2008;
Riley et al. 2008). At much smaller scales of tens to hundreds of meters, plume
models provide an alternative modeling method. These describe the dispersion of a
plume of gas within the atmosphere and can be useful for describing atmospheric
enrichment near a source, such as that caused by 14C emissions from nuclear power
plants (Levin et al. 2003) or emissions from point sources (Turnbull et al. 2014). At
distances of more than a few kilometers from a source, their assumptions usually
break down.

4.3 Preindustrial Distribution of Radiocarbon

In the preindustrial atmosphere before 1850, the fossil fuel and nuclear isofluxes
were zero, so only cosmogenic production, radioactive decay, and land and ocean
exchanges influenced atmospheric 14CO2. Cosmogenic production was the only
positive isoflux, increasing 14C in the atmosphere by about 9 ‰ year−1 (Table 4.1).
Both the terrestrial biosphere and oceans had negative isofluxes, since C resides in
each of these reservoirs for some time and becomes depleted in 14C by radioactive
decay before returning to the atmosphere. The biospheric residence time is typically
years or decades (Chap. 6), whereas the ocean reservoir age is typically hundreds or
thousands of years (Chap. 5). Therefore, in the preindustrial atmosphere, the ocean
isoflux by far dominated over the land isoflux (Table 4.1) in its influence on 14CO2

variability.

4.3.1 Mean Isotope Ratio

The 14C content of CO2 in the past atmosphere can be measured from C samples
with known ages, such as tree rings. These can be analyzed for 14C content today,
which can be converted to past 14C (Chap. 3) by counting the exact age of each tree
ring and correcting for radioactive decay that occurred since the time of growth.
Considerable effort has been made to construct tree-ring chronologies for paleo-
climate applications (Chap. 7), and the tree-ring record presently extends *14,000
years before 1950 (“before present” or BP) (Friedrich et al. 2004; Hua et al. 2009).
Reconstruction of atmospheric 14CO2 content goes beyond this, back to the
detection limit of 14C measurements at *50,000 years BP, based on 14C in
cross-dated coral carbonate and foraminifera (Reimer 2013). Neither corals nor
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foraminifera reflect the atmospheric 14CO2 content as precisely as tree rings because
their 14C is different from atmospheric 14CO2 due to the ocean reservoir age
(Reimer 2013). Uncertainty in the reservoir age and its variability through time
make the reconstruction of atmospheric 14CO2 content in the distant past potentially
less accurate than the measurements from tree rings.

In a steady-state Earth system, 14CO2 will be constant, with cosmogenic 14C
being produced in the atmosphere, then mixing throughout the C reservoirs, where
it radioactively decays. Table 4.1 shows the globally integrated 14CO2 isofluxes for
an idealized preindustrial steady state, where cosmogenic 14C production in the
atmosphere is balanced almost entirely by C exchange with the oceans, which have
lower 14C due to radioactive decay within the oceans themselves. Biospheric
exchange makes a smaller contribution to the preindustrial 14CO2 balance since the
land biosphere has a much shorter mean C residence time and smaller C pool than
the oceans.

Yet the Earth System is dynamic, and records show that 14CO2 has varied through
time, due to variability in both cosmogenic production and in the global C cycle. The
various records show that 14CO2 increases when the cosmogenic 14C production rate
increases (Fc in Eq. 4.4), while it decreases when the atmospheric CO2 concentration
increases and dilutes the 14C content (in Eq. 4.4, increasing Ca results in decreased a).
During the last ice age, when the atmospheric CO2 concentration was up to 35 % lower
than during interglacial periods, Δ14CO2 was as high as +600 ‰ (Reimer 2013)
(Fig. 4.2). Over the last 10,000 years, Δ14CO2 has stayed within a 100 ‰ range,
mostly decreasing gradually, and showed quasi-cyclic variations on decade to century
timescales associated with solar activity, which drives changes in cosmogenic 14C
production (Stuiver and Braziunas 1993). Millennial and longer scale fluctuations in
14CO2 are largely correlated with the Earth’s magnetic field strength, which also affects
the 14C production rate (Mazaud et al. 1991). By assuming that the C cycle (i.e., plant
photosynthesis and respiration and ocean CO2 exchange) was constant over the
Holocene, the 14CO2 record can be inverted to yield a time series of smoothed fluc-
tuations in cosmogenic 14C production (Usoskin and Kromer 2005). However, part of
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the 14CO2 variability is likely due to changes in the C cycle, driven for example by
ocean upwelling variability (Muscheler et al. 2004; Kohler et al. 2006). A simple box
model of the C cycle performed better in reproducing the higher 14CO2 in the last ice
age if exchange between surface and deep ocean water is decreased by 50 % and the
shell carbonate sedimentation rate is decreased by 10 % compared with Holocene
values (Hughen et al. 2004). In the preindustrial atmosphere, the biosphere likely did
not have a large impact on 14CO2 gradients, even if the biospheric CO2 flux varied,
since the biospheric turnover time is on the order of decades, and the 14C of respired
CO2 was therefore only slightly lower than atmospheric 14CO2 (Braziunas et al. 1995).
This topic is also covered in more detail in Chap. 7.

4.3.2 Spatial Gradients

The reconstructions of 14CO2 show hemispheric and regional variability (Hua and
Barbetti 2004; Hua et al. 2013) due to the spatial distribution of the isofluxes, with
the ocean isoflux concentrated in the Southern Hemisphere, the biospheric isoflux
mostly in the Northern Hemisphere, and the cosmogenic isoflux at high altitudes
near the poles (Sect. 4.2.2). The mixing timescale of the troposphere is about one
year between hemispheres, but only a few weeks in the west–east direction at the
mid-latitudes of each hemisphere. Due to the faster mixing time in the longitudinal
direction, along with the primarily latitudinal pattern of spatial variability in the
fluxes, latitudinal variability in preindustrial 14CO2 was characteristically much
greater than longitudinal variability. Models have shown that preindustrial longi-
tudinal gradients are likely below the detection limit of present-day measurement
techniques because of the fast mixing in the west–east direction (Fig. 4.3, Braziunas
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et al. 1995). Most studies have therefore focused on the larger preindustrial lati-
tudinal gradients, particularly the interhemispheric difference.

The first accurate measurements of the interhemispheric gradient in preindustrial
14CO2 showed that Southern Hemisphere tree-ring samples from the 1830s had
Δ14CO2 4.5 ± 1 ‰ lower than Northern Hemisphere samples (Lerman et al. 1970).
Subsequent studies found similar north–south offsets from mid-latitude sites in the
late eighteenth to the late nineteenth centuries (Vogel et al. 1993; McCormac et al.
1998; Stuiver and Braziunas 1998). This preindustrial interhemispheric difference is
primarily due to the predominance of the ocean isoflux in the Southern Hemisphere.
In addition to the large ocean surface area there, upwelling of old water and fast
wind-driven air–sea exchange increase the Southern Ocean isoflux. Two studies
(Hogg et al. 2002; McCormac et al. 2002) analyzed decadal-average tree-ring
samples from Great Britain and New Zealand going back to 950 AD, with replicate
measurements conducted in the Belfast and Waikato laboratories to control for
interlaboratory calibration differences. They found an average difference of
5.0 ± 1.6 ‰ over 950–1850, but with detectable centennial-scale variability of up
to ±4 ‰ (Fig. 4.4). The variability has been attributed to changing wind patterns
over the Southern Ocean during the Medieval warm period and the Little Ice Age
(Rodgers et al. 2011). Such analyses are at the edge of the accuracy of current
measurement technology and require stringent calibration and quality control pro-
cedures. Recent work, making use of newly developed, longer New Zealand tree
chronologies, finds interhemispheric offsets for the first millennium AD that are
similar in magnitude and variability to those of the preindustrial second millennium
(Hogg et al. 2009b). With a lower degree of precision, wiggle matching (matching
the timescales by lining up the patterns of variability in 14C) with floating Southern
Hemisphere tree-ring chronologies extends this conclusion through previous mil-
lennia in the Holocene (Hogg et al. 2009a).

Less attention has been paid to reconstructing preindustrial 14CO2 in regions
outside the mid-latitudes. The complexity of atmospheric transport in the tropics is
illustrated by work with Thai trees (19°N) from the seventeenth and eighteenth
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centuries, which showed that 14CO2 levels were intermediate between those of
northern and southern mid-latitudes despite their location in the Northern
Hemisphere (Hua et al. 2004). This is attributed to northward entrainment of
Southern Hemisphere air, with lower 14CO2, during the Asian summer monsoon.

4.4 The “Suess” Period: 1890–1945

The first observation of anthropogenic influence on atmospheric 14CO2 was made
by Suess (1955), showing decreasing 14CO2 in the early part of the 1900s in
tree-ring records from North America. The decline in atmospheric 14CO2 content
since the industrial revolution demonstrated the addition of 14C-free fossil fuel CO2

to the atmosphere (Fig. 4.5a). Suess’ tree-ring measurements showed a decrease of
25 ‰ in atmospheric Δ14CO2 between 1890 and 1950 (Suess 1955). This decrease,
now called the Suess effect, is not determined solely by the rate of fossil fuel
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emissions, however. Gross fluxes of C between the atmosphere and the oceans and
terrestrial biosphere moderate the dilution of atmospheric 14CO2 by effectively
increasing the reservoir of C into which the 14C-free fossil fuel CO2 is mixed. Via
gross exchanges, some fossil-derived C enters the oceanic and terrestrial reservoirs
and is replaced in the atmosphere by C with the 14C of the oceanic and terrestrial
reservoirs.

Representation of the Suess effect in models of the global C cycle is sensitive to
the exchange rates associated with air–land and air–ocean fluxes (Revelle and Suess
1957; Oeschger et al. 1975; Stuiver and Quay 1981). In one of the first applications
of a C cycle model, the observed Suess effect was used in a very simple box model
that included one atmospheric box and one oceanic box to estimate the global air–
sea exchange rate (Revelle and Suess 1957). Since then, the Suess effect has been
simulated in more advanced C cycle models, including one that also considered
how the observed Suess effect might have been influenced by variations in cos-
mogenic 14C production (Fig. 4.5b, Stuiver and Quay 1981). Utilizing a model with
various possible relationships between 14C production and the observed number of
sunspots between 1735 and 1952, this study demonstrated that the observed
decrease in 14CO2 could not have been caused by natural fluctuations in cosmo-
genic production.

Further compilation of tree-ring records from different locations provided an
early indication that the magnitude of the Suess effect varied regionally. The
decrease in 14CO2 until the 1930s was 5–10 ‰ greater in European trees than in
North American trees (Tans et al. 1979; De Jong and Mook 1982). These obser-
vations demonstrated that the Suess effect was enhanced in regions with strong
local combustion sources, a finding that would later be exploited to estimate
regional fossil fuel CO2 emission rates (Sect. 4.8.1).

4.5 The “Bomb” Period: 1945–1985

The first direct measurements of 14CO2 in the atmosphere were made in 1954 in New
Zealand (Rafter and Fergusson 1957; Currie et al. 2011). Globally distributed net-
works of ground-based atmospheric sampling stations followed shortly after (Nydal
1963; Manning et al. 1990; Levin et al. 1992). These networks were initially
deployed to observe the radioactive fallout caused by intensive nuclear weapons
testing in the 1950s and 1960s. Production of 14C by nuclear weapons testing nearly
doubled the tropospheric burden of 14CO2 in the Northern Hemisphere (Fig. 4.6). In
the Northern Hemisphere, 14CO2 peaked in 1963 with the maximum of large
aboveground thermonuclear (hydrogen fusion) bomb tests immediately before the
atmospheric nuclear test ban treaty came into effect. In the Southern Hemisphere,
14CO2 peaked a few years later. 14CO2 then began to decrease rapidly as the negative
isoflux from the ocean and terrestrial biosphere became larger than the positive
isoflux from the stratosphere (Figs. 4.5a and 4.6). The observed trend in 14CO2

resembled an exponential curve, initially falling rapidly (by more than 40 ‰ year−1)
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then slowing with time (Fig. 4.6). Estimated isofluxes for the start of the bomb
period are shown in Table 4.2.

Due to the long half-life of 14C, excess 14C produced by weapons testing will
remain for many thousands of years. As discussed for fossil fuel CO2 and the Suess
effect, the natural C cycle exchange acts to redistribute this bomb 14C throughout
the atmosphere, biosphere, and oceans. The rate of redistribution of bomb 14C
provides a method for tracing natural C exchanges that has been used in many
aspects of C cycle studies. In this section, we will describe the input of 14C to the
atmosphere from weapons testing and the initial transfers of bomb 14C between C
reservoirs, focusing on the influence of these processes on atmospheric 14CO2 and
how these observations have been used to study atmospheric C exchange.

4.5.1 Global Bomb Radiocarbon Budget

Most of the nuclear weapons tests occurred in the Northern Hemisphere
(UNSCEAR 2000) (Fig. 4.6), and the explosive force injected 14C into the
stratosphere roughly 10–17 km above sea level. The large initial concentration of
bomb 14C in the northern stratosphere was observed using high-altitude aircraft,
revealing Δ14CO2 values as large as 5000–20,000 ‰ in the stratosphere (Telegadas
1971; Hesshaimer and Levin 2000). Bomb 14C gradually entered the troposphere
via stratosphere–troposphere exchange processes in the mid- to high latitudes.
Investigation of the time-evolving budget of bomb 14C in C cycle studies and
assessment of the human exposure to radioactive fallout requires estimates of the
total amount of 14C produced by weapons testing (Fig. 4.7). These estimates use
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emission factors that assume 14C produced in each test was roughly proportional to
the explosive force of the bomb (e.g., UNSCEAR 2000). There are significant
uncertainties in these estimates of bomb 14C production since the production of
neutrons may vary with different types of fuel or bomb designs and not all neutrons
react to produce 14C. Several studies have augmented estimates from scaling factors
with observations of bomb-derived 14C and C cycle models (e.g., Hesshaimer et al.
1994; Naegler and Levin 2006). The current best estimate of total bomb 14C is 598–
632 × 1026 atoms (Naegler and Levin 2006). Though a few tests were performed
after the nuclear test ban in 1963, almost all bomb 14C was produced by ther-
monuclear bomb tests between 1961 and 1963 (Fig. 4.6). For comparison, it would
take 250 years to produce this amount of 14C cosmogenically (Masarik and Beer
1999). Besides the strong pulse of 14C from bomb testing, a small amount of
anthropogenic 14C production continues to occur through nuclear industrial and
research applications (UNSCEAR 2000). Annual anthropogenic 14C production
comprised approximately 10 % of natural cosmogenic production in recent decades
(Graven and Gruber 2011).

Since all of the bomb 14C produced must be allocated into atmospheric, oceanic,
or terrestrial reservoirs, accounting for bomb 14C in a realistic C cycle model
constrained with observations of bomb 14C in the troposphere, stratosphere, and
ocean can help to refine the estimates of the total bomb 14C produced. By creating
14C budgets that incorporate information from C cycle models, bomb 14C obser-
vations, and bomb detonation histories, researchers have also argued for a lower
estimate of the air–ocean gas exchange rate (Hesshaimer et al. 1994) and provided
an estimate of the total biospheric inventory of bomb 14C (Naegler and Levin
2009a) (Fig. 4.7). The total biospheric inventory of bomb 14C can provide a useful
measure of the average residence time and 14C disequilibrium of terrestrial C, which
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is difficult to observe directly because of the heterogeneity in biomass and
ecosystem types (Chap. 6).

4.5.2 Atmospheric Radiocarbon Seasonality During
the Bomb Period

The seasonal cycles of 14CO2 had amplitudes of more than 100 ‰ at Northern
Hemisphere ground-level stations in the mid-1960s (Fig. 4.8). These observations
clearly demonstrated the strong seasonality in the descent of stratospheric, bomb
14C-enriched air across the tropopause (Nydal and Lovseth 1965), showing that the
strength of stratosphere-to-troposphere exchange has a maximum in late spring in
each hemisphere. The seasonal maximum in 14CO2 at ground level occurred in
summer, delayed by a few months from the strongest stratosphere–troposphere
exchange due to the time required for air to descend from the upper troposphere to
ground level. The magnitude of the seasonal amplitude was influenced by hetero-
trophic respiration, which still had prebomb 14C values, resulting in strongly
negative isofluxes to the atmosphere (Randerson et al. 2002). As heterotrophic
respiration is strongest in summer, this isoflux offset the stratospheric input and
slightly reduced seasonal amplitudes from what they otherwise would have been.

4.5.3 Spatial Gradients

By tracing the movement of bomb 14C through the atmosphere, early 14CO2

observations helped to establish the rates and seasonality of
stratosphere-to-troposphere exchange and of latitudinal and cross-equatorial mixing
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of the troposphere. Strong latitudinal gradients in the troposphere were created by
the concentrated bomb 14C input to the northern latitudes where nuclear weapons
were tested and subsequent transport of that bomb 14C through the troposphere.
Observed Δ14CO2 was 100–500 ‰ higher at northern stations than at southern
stations between 1961 and 1965 (Figs. 4.6 and 4.7). Strong latitudinal gradients
were also present within the Northern Hemisphere, where observed Δ14CO2 values
were 20–200 ‰ higher at mid- to high latitudes than low latitudes (Fig. 4.8).

Observed Δ14CO2 values during the bomb period were used to estimate that the
timescale of interhemispheric mixing across the equator is approximately one year
(Lal and Rama 1966; Nydal 1968). This mixing timescale is an important deter-
minant of latitudinal gradients of CO2 and several industrial gases, since their
emissions and surface exchanges occur primarily in the Northern Hemisphere.
Therefore, accurate representation of interhemispheric mixing is essential for
model-based estimates of regional fluxes of CO2 and other gases (Denning et al.
1999). The early 14CO2 observations have also been used to constrain
cross-equatorial and cross-tropopause exchange in atmospheric box models (Lal and
Rama 1966; Nydal 1968; Johnston 1994; Naegler and Levin 2006) and to test
three-dimensional atmospheric general circulation models (Kjellstrom et al. 2000;
Land et al. 2002). In addition to providing a chemical tracer to estimate transport
rates, observations of 14CO2 and other radioactive fallout species have also helped in
developing theories on internal stratospheric dynamics and stratosphere–troposphere
exchange (Holton et al. 1995).

Latitudinal gradients observed in the bomb period were also influenced by the
spatial distribution of terrestrial, oceanic, and fossil fuel isofluxes (globally inte-
grated isofluxes for 1963 are summarized in Table 4.2). During the period of testing
and the subsequent few years, these influences were minor in comparison with the
effect of the bombs and stratospheric 14C input to the Northern Hemisphere.
However, after 1968, stratospheric 14C input decreased substantially and latitudinal
gradients became much smaller. In the late 1960s and early 1970s, stratospheric and
oceanic isofluxes made roughly equal contributions to the interhemispheric 14CO2

gradient, each increasing Northern Hemisphere Δ14CO2 by 10–20 ‰, compared to
the Southern Hemisphere (Randerson et al. 2002; Levin et al. 2010; Fig. 4.9c).
Even though negative isofluxes were occurring over the entire ocean, the isofluxes
were the largest over the Southern Ocean due to stronger air–sea 14C gradients and
high winds (see also Chap. 5). Stronger negative isofluxes over the Southern Ocean
decreased Southern Hemisphere 14CO2 values relative to Northern Hemisphere
14CO2 values, reinforcing the gradient caused by stratospheric 14C input in the
north. Small negative isofluxes from the biosphere and fossil fuel emissions,
focused over the tropics and northern continents, counteracted the stratospheric and
oceanic influences on latitudinal gradients (Randerson et al. 2002; Levin et al. 2010;
Fig. 4.9c).
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4.5.4 Evolving Isofluxes During the Bomb Period

As bomb 14C dispersed through the atmosphere and entered oceanic and terrestrial
reservoirs, changes to 14CO2 and the subsequent changes in the 14C of oceanic and
terrestrial C caused 14C isofluxes to evolve. For example, in 1963, respiration of
short-term C pools in the terrestrial biosphere, such as leaves and twigs, added CO2

that was fixed before the peak in 14CO2. Therefore, the
14C of leaves and twigs was

much lower than 14CO2 and the respiration of leaves and twigs caused a large
negative isoflux (Fig. 4.9a; Table 4.2). By 1975, a large fraction of the C in leaves
and twigs had been fixed after the peak in 14CO2 and the respiration of leaves and
twigs contributed much less to the decreasing trend in 14CO2. Since the amount and
average residence time of C in the terrestrial biosphere is smaller than in the ocean,
the negative isoflux from the terrestrial biosphere was smaller and decreased more
rapidly than the oceanic isoflux (Randerson et al. 2002; Naegler and Levin 2009a;
Levin et al. 2010). Negative isofluxes from fossil fuel emissions were much smaller
than the negative isoflux from the ocean and terrestrial biosphere before 1970, but
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after 1970 fossil fuel emissions became a principal influence on the decreasing
trend in 14CO2.

4.6 The Post-bomb Period: 1985–Present

We consider the post-bomb period as the period commencing in the mid-1980s,
after a few decades had passed since the peak 14CO2 level in the troposphere and
the influences on atmospheric 14CO2 had changed significantly. The rapid uptake of
bomb 14C during the bomb period that decreased the tropospheric 14CO2 content
simultaneously increased 14C in land biosphere and ocean reservoirs. In the
post-bomb period, rapidly overturning C reservoirs came closer to equilibrium with
tropospheric 14CO2, while at the same time, uptake of bomb 14C into longer term
reservoirs continued and fossil fuel emissions increased. These processes changed
the disequilibrium in terrestrial, oceanic, and stratospheric C reservoirs, thereby
altering the influence of those exchanges on tropospheric 14CO2 (Fig. 4.9b, d). The
start of this period is somewhat arbitrary, since the processes are continuous, but we
consider this period to start when the global biosphere isoflux changed sign in about
the mid-1980s (Randerson et al. 2002; Naegler and Levin 2009b). This section will
describe the influences on the long-term trend, interhemispheric gradient, and
seasonal cycles in tropospheric 14CO2 over the post-bomb period, including how
each process changed since the bomb period.

The history of 14CO2 through the post-bomb period has been directly measured
by continued measurements from a few locations. The longest records, both of
which continue today, are from New Zealand (Currie et al. 2011) and the European
Alps (Levin and Kromer 2004), shown in Fig. 4.6. Observations from these and
several other shorter records from around the globe are available from the Carbon
Dioxide Information Analysis Center (http://cdiac.ornl.gov/). In recent years and
decades, additional observations of 14CO2 at both clean-air and polluted mea-
surement sites have begun at laboratories in Europe (Levin et al. 2010; Van Der
Laan et al. 2010), the US (Turnbull et al. 2007; Graven et al. 2012b, c) and Japan
(Kitigawa et al. 2004).

4.6.1 Fossil Fuel Carbon Dioxide

CO2 emissions from fossil fuel burning have grown substantially over the
post-bomb period, increasing by *50 % between 1985 and 2005 (Marland et al.
2006). Dilution of 14CO2 by fossil-derived CO2 is now the strongest contribution to
the long-term trend and interhemispheric gradient of 14CO2 in unpolluted back-
ground air (Fig. 4.9) and is one of the main influences on seasonal cycles of 14CO2

in the Northern Hemisphere (Levin et al. 2010; Graven et al. 2012b, c). Fossil fuel
CO2 emissions decreased tropospheric Δ14CO2 by about 10 ‰ year−1 (Table 4.3).
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Despite the large growth in fossil fuel emissions, their influence on the 14CO2 trend
and interhemispheric gradient has remained rather steady over the post-bomb period
(Levin et al. 2010; Graven et al. 2012b, c; Fig. 4.9b). This can be attributed to a
decrease in the sensitivity of 14CO2 to fossil fuel emissions between the 1980s and
2000s: The troposphere–fossil fuel isotopic disequilibrium grew smaller as Δ14CO2

dropped from 250 to 50 ‰ and the fractional change in the CO2 mixing ratio
caused by an added increment of fossil fuel CO2 grew smaller as tropospheric CO2

increased from 350 ppm to the 2014 level of about 395 ppm (Levin et al. 2010;
Graven et al. 2012c).

4.6.2 Nuclear Industry

The growth of nuclear power over the post-bomb period also has an impact on
14CO2 because 14C is released from nuclear power plants and fuel reprocessing
sites, causing small, continual increases to the global inventory of 14C (UNSCEAR
2000; Levin et al. 2010; Graven et al. 2012b). Globally, this term is small, at about
0.5–1 ‰ year−1 increase in Δ14CO2 (Table 4.3), but it can be important at the local
and regional scale (Graven and Gruber 2011).

4.6.3 Terrestrial Carbon

By the 1980s, the terrestrial biosphere had assimilated *20 % of the total bomb
14C, and mean 14C of respired C was close to that of tropospheric 14CO2

(Randerson et al. 2002; Naegler and Levin 2009b). In essence, the terrestrial bio-
sphere had nearly reached equilibrium with tropospheric 14CO2 after roughly
20 years. Yet, as tropospheric 14CO2 continued to decline due to air–ocean
exchange and fossil fuel emissions, complete equilibrium could not be reached.
Atmospheric 14CO2 became, on average, lower than the 14C of C respired by
terrestrial ecosystems. Thus, in the post-bomb period, the net effect of terrestrial
respiration was to return bomb 14C back to the troposphere (Fig. 4.7), and the
biospheric isoflux reversed sign (Randerson et al. 2002; Naegler and Levin 2009b;
Levin et al. 2010; Fig. 4.10). Regionally, terrestrial ecosystems release C of various
ages during heterotrophic respiration, and ecosystems in different locations can
release C with different mean ages (Chap. 6). Therefore, although the global
average near-equilibrium in 14C distribution was reached in the 1980s, this
near-equilibrium was reached sooner in the tropics where C cycling is rapid, and
later in boreal and arctic systems where C cycling is slower (Randerson et al. 2002).
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4.6.4 Oceans

Water at the ocean surface is composed of varying mixtures of young water that has
recently been in contact with the air and older water that has been sequestered in the
deep ocean for centuries (Chap. 5). Because of this, the ocean surface has even
stronger regional variability in the mean age of C exchanged with the air than does
the terrestrial biosphere. Water in subtropical gyres does not mix readily with
deeper water and maintains close contact with the atmosphere, while in the
Southern Ocean and North Pacific Ocean, there is a significant fraction of old water
that has been upwelled from depth after being out of contact with the atmosphere
for hundreds to thousands of years.

In the post-bomb period, water in the subtropical gyres contains a large amount
of bomb 14C that has not been dispersed by mixing with deeper water, and thus,
isofluxes here resemble those from the terrestrial biosphere. They do incorporate
some upwelled water that is depleted in 14C; however, the source of upwelling is
shallow, relatively young water that has already assimilated some bomb 14C. Thus,
subtropical areas of the ocean had reached near-equilibrium with tropospheric
14CO2 by 1995, when large-scale hydrographic surveys showed that 14C values in
surface waters of the subtropics were nearly the same as tropospheric 14CO2 values
(Key et al. 2004; Graven et al. 2012a) (Fig. 4.10). Since 1995, 14C values in these
ocean regions has become even higher than tropospheric 14CO2 values (Graven
et al. 2012a). Like the terrestrial biosphere, these subtropical surface waters have
started to release bomb 14C back to the atmosphere where 14CO2 content continues
to decrease; thus, the isoflux has changed sign.

In contrast, in both the Southern Ocean and North Pacific Ocean, significant
uptake of bomb 14C is still occurring. Since surface waters in these regions mix with
deep water, into which bomb 14C has not yet intruded, 14C there is still substantially
depleted in comparison with the troposphere and has not come to this
near-equilibrium state (Key et al. 2004; Graven et al. 2012a; Fig. 4.10). The
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Southern Ocean is the dominant region of oceanic influence on atmospheric 14CO2,
with large regions of negative ocean–atmosphere gradients stronger than 100 ‰ as
compared to gradients of 50–100 ‰ over smaller areas in the North Pacific. In the
Southern Ocean, strong circumpolar winds drive strong upwelling of deep,
14C-depleted water and enhance gas transfer, leading to strong negative isofluxes.
These isofluxes cause 14CO2 to be reduced in air above the Southern Ocean (Levin
and Hesshaimer 2000; Randerson et al. 2002; Fig. 4.11).

Globally, the integrated flux of bomb 14C into the ocean over the bomb and
post-bomb periods provides a strong constraint on the average gas exchange
velocity (Chap. 5; Revelle and Suess 1957; Broecker et al. 1985; Sweeney et al.
2007). Other estimates of the average gas exchange velocity must extrapolate from
point measurements of ocean–atmosphere fluxes, which results in large uncer-
tainties (Frost and Upstill-Goddard 1999). Both oceanic and atmospheric 14C
measurements have been crucial in estimating and refining the global mean gas
exchange velocity (Hesshaimer et al. 1994; Krakauer et al. 2006; Naegler and Levin
2006), which is needed to calculate the magnitude and locations of uptake of
anthropogenic CO2 by the ocean using observations of ocean–atmosphere gradients
in pCO2 (Takahashi et al. 2009).

Over the post-bomb period, the integrated flux of bomb 14C into the oceans has
diminished and global ocean bomb 14C inventories in the 2000s are nearly stagnant
(Graven et al. 2012a), due to near balance between the high-latitude uptake and
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low-latitude release of bomb 14C. As the low-latitude release surpasses high-latitude
uptake, the oceans are now beginning an overall transfer of bomb 14C back to the
atmosphere.

4.6.5 Stratosphere

In the post-bomb period, the stratosphere continues to be enriched in 14C relative to
the troposphere, even though the bomb 14C that was initially injected into the
stratosphere has dispersed. Observations of Δ14CO2 in stratospheric air indicate that
it was 50–150 ‰ above that measured in the troposphere in the early 1990s
(Turnbull et al. 2009b; Fig. 4.12). One reason for higher 14C content in the
stratosphere during the post-bomb period is that most cosmogenic production of
14C occurs in the stratosphere (O’Brien 1979; Jöckel 1999). While the natural
stratosphere–troposphere gradient was amplified by the input of bomb 14C, the
stratosphere–troposphere gradient has been positive throughout history due to this
effect. Another reason for higher 14C content in the stratosphere during the
post-bomb period is the residence time of air in the stratosphere, on the order of
five-to-ten years, which creates a lag in stratospheric response to the surface
exchanges that are reducing tropospheric 14CO2.

This stratosphere–troposphere 14CO2 gradient continues to be exploited in
studies of cross-tropopause transport of air and stratospheric residence times during
the post-bomb period. Observed stratosphere–troposphere gradients of 14CO2 in
1989–1990 were used to estimate an average turnover time of the stratosphere of
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Fig. 4.12 Vertical profiles of stratospheric Δ14CO2 above Japan (40°N) in 1989–94, relative to
Δ14CO2 in the free troposphere, from stratospheric and high tropospheric samples taken in 1989,
1990, and 1994. Two model simulations for 2006 are shown, model (a) uses cosmogenic
production from Lal (1988), model (b) moves the production to lower altitudes within the
stratosphere. Figure modified from Turnbull et al. (2009b)
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*9 years (Nakamura et al. 1992, 1994). In addition, very strong vertical gradients
observed within the stratosphere indicate vertical mixing of stratospheric air is slow.
Investigation of stratosphere–tropospheric dynamics can also utilize 14CO, the
dominant form of newly produced 14C atoms which oxidizes to 14CO2 over a
timescale of weeks to months (Jöckel and Brenninkmeijer 2002; Sect. 4.9.1).

4.6.6 Long-Term Trend

In the post-bomb period, there is a complex interplay between positive influences
on tropospheric 14CO2 from the terrestrial biosphere, low-latitude oceans, strato-
sphere and nuclear industry, and negative influences from the high-latitude oceans
and fossil fuel combustion (Levin et al. 2010; Graven et al. 2012b, c; Fig. 4.9b;
Table 4.3). The long-term trend of tropospheric 14CO2 continues to be negative
(Figs. 4.6 and 4.9b), although the rate of decline has slowed from 10 ‰ year−1 in
the 1980s to 5 ‰ year−1 since 2000 (Meijer et al. 2006; Levin et al. 2010). The
primary cause of this slowing is the weakening effect of ocean–atmosphere
exchange, which has resulted in the emergence of fossil fuel emissions as the
dominant influence on tropospheric 14CO2. Since 2000, all influences on 14CO2

each contribute less than ±5 ‰ year−1 to the trend, except for fossil fuel emissions,
which contribute −10 to −15 ‰ year−1 (the exact magnitude varies slightly through
time and depends on whether CO2 from fossil fuel emissions is assumed to mix into
the entire atmosphere or only into the troposphere) (Levin et al. 2010; Graven et al.
2012b; Fig. 4.9b).

4.6.7 Interhemispheric Gradient

The observed interhemispheric gradient of 14CO2 was close to zero over most of the
post-bomb period, reflecting a near balance between the effect of fossil fuel emis-
sions and other processes (Randerson et al. 2002; Meijer et al. 2006; Levin et al.
2010; Fig. 4.9d). The dilution of 14CO2 by fossil fuel emissions in the Northern
Hemisphere was offset primarily by air–sea exchange that decreased 14CO2 in the
Southern Hemisphere. 14C release by terrestrial ecosystems and nuclear power
plants, concentrated in the Northern Hemisphere, also counteracted the effect of
fossil fuel emissions. Since 2000, 14CO2 in the Northern Hemisphere has become
lower than 14CO2 in the Southern Hemisphere (Levin et al. 2010; Graven et al.
2012c), apparently due to a reduction in the 14C isoflux from the Southern Ocean.
However, the total interhemispheric gradient simulated by models has not matched
the observed gradient over the post-bomb period, and the changing interhemi-
spheric gradient has not yet been fully explained (Randerson et al. 2002; Levin
et al. 2010).

108 J.C. Turnbull et al.



4.6.8 Seasonal Cycles

Seasonal cycles in 14CO2 were much smaller during the post-bomb period than
during the bomb period (Randerson et al. 2002; Levin et al. 2010; Fig. 4.13). The
largest cycles now occur at northern mid- and high-latitude sites, which show
amplitudes of several permil with maxima in late summer or fall (Meijer et al. 2006;
Turnbull et al. 2007; Levin et al. 2010; Graven et al. 2012c). Seasonality in 14CO2

primarily results from seasonal variations in atmospheric transport that regulates the
stratospheric and fossil fuel isofluxes, rather than seasonality in the isofluxes
themselves. As during the bomb period, the seasonal input of stratospheric air
increases 14CO2 in summer and fall at mid- to high latitudes, although the effect is
much smaller in the post-bomb period (Randerson et al. 2002; Levin et al. 2010).
Although fossil fuel CO2 emissions themselves have only a small seasonal cycle,
more vigorous atmospheric mixing during summer and fall allows fossil fuel CO2

emissions to be transported away from the surface and mixed into a larger volume
of air, increasing local tropospheric 14CO2 relative to the winter months (Randerson
et al. 2002; Turnbull et al. 2009a; Levin et al. 2010; Graven et al. 2012c). Smaller
effects result from terrestrial and oceanic exchanges. Stronger summertime respi-
ration slightly enriches 14CO2 in summer months in the Northern Hemisphere, and
stronger ocean–atmosphere exchange slightly depletes 14CO2 in winter months over
the Southern Ocean (Randerson et al. 2002; Turnbull et al. 2009a; Levin et al.
2010).
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4.7 The Future Trajectory of Atmospheric Radiocarbon

Tropospheric Δ14CO2 is now (in 2014) about 30 ‰, that is, 3 % above the
preindustrial level. If fossil fuel emissions continue to increase in a
“business-as-usual” scenario (Ciais et al. 2013), atmospheric Δ14CO2 values will
likely drop below the preindustrial level (0 ‰) within the next decade. The con-
tinued decrease in 14CO2 will cause the C reservoirs in the land and surface ocean
that are presently enriched in 14C to sustain their positive isofluxes to the atmo-
sphere, while negative isofluxes from 14C-depleted reservoirs such as the Southern
Ocean will become weaker as their disequilibrium with 14CO2 is reduced.
Atmospheric Δ14CO2 values may reach −150 ‰ by the year 2100 (Caldeira et al.
1998; Fig. 4.14). At this point, even the deep waters upwelling in the Southern
Ocean will return CO2 enriched in 14C to the atmosphere and become a positive
isoflux. Observation of such changes in the coming decades will continue to illu-
minate the C cycle exchange processes that determine how 14C is redistributed in
response to anthropogenic perturbations.
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4.8 Atmospheric Monitoring of Fossil Fuel Carbon
Dioxide Emissions

4.8.1 Determination of Fossil Fuel Mole Fraction
from Radiocarbon Observations

In recent years, atmospheric 14CO2 measurements have been recognized as the most
unambiguous tracer method to quantify fossil fuel CO2 (CO2ff) emissions. Due to
the influence of the fossil fuel isoflux on atmospheric 14CO2 gradients,

14CO2 can
provide an objective method of evaluating the CO2ff emissions reported by gov-
ernments and industry. Equally importantly, the separation of fossil fuel and bio-
logical CO2 sources by 14CO2 allows examination of biological CO2 exchange
processes.

In order to calculate the amount of fossil fuel CO2 present in an atmospheric
sample in which 14CO2 has been measured, the mass balances for C and 14C from
Eqs. 4.1 and 4.2 are integrated to:

CO2obs ¼ CO2bg þCO2ff þCO2other ð4:5Þ

and

DobsCO2obs ¼ DbgCO2bg þDffCO2ff þDotherCO2other; ð4:6Þ

then manipulated to solve for CO2ff:

CO2ff ¼ CO2obsðDobs � DbgÞ
Dff � Dbg

� CO2otherðDother � DbgÞ
Dff � Dbg

: ð4:7Þ

To emphasize the influence of fossil fuel combustion, the other terms have been
condensed into a single CO2other term, which is essentially a correction for
non-fossil influences on 14CO2. This represents CO2 added or removed by
non-fossil sources or sinks (respiration and biomass burning, nuclear industry, and
to a lesser extent the oceans and cosmogenic production) and Δother represents the
weighted mean 14C of the other CO2 sources. The integration adds two other terms,
CO2bg and Δbg, which represent the background air CO2 mixing ratio and its
Δ14CO2 value, respectively. In this approach, the “background” is chosen to rep-
resent the initial composition of a parcel of air, which then moves across a region of
interest, modifying its CO2 mole fraction and 14CO2 by the addition of CO2ff and
CO2other. An upwind clean-air reference site can be assumed to represent the
background; this is especially useful when examining large-scale gradients in
14CO2 across continents.

In Eq. 4.7, 14C of photosynthetic uptake (gross primary productivity) is
implicitly assumed to be equal to Δbg. This is strictly true in the limit that the time
(and space) between background and observation goes to zero. Some authors (e.g.,
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Kuc et al. 2007; Riley et al. 2008) have instead assumed that 14C of photosynthesis
is equal to Δobs, and in this case, Eq. 4.7 can be rewritten as follows:

CO2ff ¼ CO2bgðDobs � DbgÞ
Dff � Dobs

� CO2otherðDother � DobsÞ
Dff � Dobs

ð4:8Þ

When integrated 14CO2 sampling (e.g., absorption onto NaOH over a period of
days or weeks) is used, this formulation may be advantageous, as CO2obs is not
required, but the mean CO2bg must be estimated. In the case of flask sampling,
CO2obs will usually be directly measured from the same flask, so Eq. 4.7 is more
convenient. If CO2other is zero, then Eqs. 4.7 and 4.8 are exactly equivalent, but
slight differences in the calculated CO2ff of up to 0.1 ppm can occur when both
photosynthetic uptake of CO2 and the Δobs − Δbg differences are large (Turnbull
et al. 2009a). These differences are small relative to the current CO2ff detection
capability.

In the current atmosphere, with about 395 ppm CO2 mole fraction and Δ14CO2

of about 30 ‰ (in 2014), the addition of 1 ppm of CO2ff results in a decrease in
Δ14CO2 of *2.7 ‰ (e.g., Turnbull et al. 2006). Current 14C measurement uncer-
tainties are, at best, just under 2 ‰ in 14C, from both accelerator mass spectrometry
(AMS) and gas counting methods (Graven et al. 2007; Turnbull et al. 2007; Levin
et al. 2010). Since both Δobs and Δbg are used in calculating CO2ff, the resulting
uncertainty in CO2ff due to measurement uncertainty alone is about ±1 ppm.
Ongoing development of measurement techniques may bring the uncertainties
down to 0.6–0.7 ppm in the near future.

Confounding influences, which are wrapped up in the second term in Eq. 4.7,
can be important in some regions. This term can be regarded as the potential bias in
CO2ff if the non-fossil influences are not accounted for. Over the continents, het-
erotrophic respiration and biomass burning are the most important of these influ-
ences. In the tropics, and possibly at high northern latitudes, biospheric sources may
have particularly substantial impacts on 14CO2. In the tropics, the large magnitude
of the respiration CO2 flux means that even if the 14C disequilibrium is small, the
impact on 14CO2 can be significant. At high latitudes, biospheric C may have
resided in the soil for long periods, particularly if warming unlocks C that has been
frozen for centuries or millennia (Chap. 6). This may result in a large and variable
isotopic disequilibrium. The bias from biospheric sources on 14CO2-derived esti-
mates of CO2ff has been estimated at 0.2–0.5 ppm over the Northern Hemisphere
mid-latitudes and may be larger in the tropics and at high latitudes (Turnbull et al.
2009a). Since the bias is much smaller than typical 14C measurement precision,
some researchers have assumed it to be zero (e.g., Meijer et al. 1996; Levin et al.
2003).

Ethanol and other biofuels mixed with or replacing fossil gasoline may also need
to be accounted for. In the 14C method, these are not distinguishable from biomass
burning or heterotrophic respiration fluxes. In contrast, other methods, particularly
bottom-up inventory-based methods, may include biofuels in the gasoline budget.
Some researchers have included biofuels in their 14C-based CO2ff estimates by
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measuring the 14C of vehicle exhaust (Djuricin et al. 2010). Where biofuel content
is known (e.g. mandated by government), adjusted 14C of gasoline can also be
calculated.

Another influence over continental regions arises from nuclear activities which
produce 14C from nuclear power generation and combustion or reprocessing of
radioactive waste. The total 14C isoflux from these activities is small relative to
other sources, but the effect can be significant close to nuclear sites. For example, a
study of fossil fuel emissions in Heidelberg, Germany, required an explicit cor-
rection of about 4.8 ‰ in Δ14CO2 to account for the effects of a nearby nuclear
reactor (Levin et al. 2003). A dataset of estimated 14CO2 emissions from all known
nuclear reactors is available (Graven and Gruber 2011) that takes into account
varying 14C emissions from different reactor types. For example, heavy water
reactors used in Canada and gas-cooled reactors used in the UK emit much more
14C for the same amount of electrical power generation than other reactor types.
Most reactor types produce 14C predominantly as 14CO2, with the exception of
pressurized water reactors, which produce 14C predominantly as methane (14CH4).
There is a lag time of several years before 14CH4 is oxidized to

14CO2, which affects
where and when that 14CO2 would be detected in atmospheric measurements. The
magnitude and timing of nuclear reactor 14C releases are imperfectly known, and
there appears to be substantial variability in the amount of 14C released even
amongst reactors of the same type. Incineration of biomedical and other radioactive
waste that contains 14C in high concentrations is permitted to occur, but is poorly
documented even though it can have a strong effect on local 14CO2 measurements
(e.g., Trumbore et al. 2002).

Over marine or coastal regions, a potential bias from ocean exchange may also
be present. This is likely to be largest in areas close to upwelling regions in the
Southern Ocean and the northwest Pacific Ocean where the isotopic disequilibrium
between atmosphere and ocean is greatest (Randerson et al. 2002; Key et al. 2004;
Turnbull et al. 2009a). For most continental regions of interest, this effect can be
eliminated by careful choice of background, using a measurement station that
reflects the same ocean influence as the region of interest.

Different sampling methods can be used to make the 14C measurements. Flask
samples are collected over a few minutes or up to one hour (Meijer et al. 1996;
Turnbull et al. 2007; Graven et al. 2009; Djuricin et al. 2010; Turnbull et al. 2012)
and can therefore be examined in the context of specific wind conditions and
emission plumes. The same flask samples can be measured for other species to
provide additional information (Turnbull et al. 2006; Miller et al. 2012). Integrated
samples (either CO2 absorbed into alkali, or plant material proxies) represent a
longer term mixture of air masses and can be used to easily and cost-effectively
examine broadscale gradients and long-term changes (Levin et al. 2008).
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4.8.2 Large-Scale Spatial Fossil Fuel Carbon Dioxide
Variability and Plant Material Proxies

Global 14CO2 modeling studies (Randerson et al. 2002; Turnbull et al. 2009a;
Miller et al. 2012) have been used to examine the spatial variability of 14CO2 in the
recent atmosphere. These models use best estimates of the 14C isoflux magnitudes
and spatial and temporal patterns to predict the atmospheric distribution of 14CO2.
They produce reasonable representations of the observed spatial distribution,
although they do not resolve all the finer details, particularly at small scales. These
global models have shown that 14CO2 variability over the Northern Hemisphere
land is dominated, at the continental scale (i.e., across a single continent), by CO2ff

emissions (Fig. 4.15).
On the observation side, plant materials have proven to be an excellent proxy for

14CO2 at the continental, annual scale, allowing them to be used to understand the
broad spatial distribution of 14CO2 and to compare with model simulations. Since
photosynthetic uptake does not alter 14C, short-lived annual plants reflect atmo-
spheric 14CO2 averaged over their growing season, with the caveats that most plants
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Fig. 4.15 (a) Modeled mean
surface Δ14CO2 distribution
from the LMDZ model for
2002–2007. All known 14C
fluxes are included.
(b) Modeled mean surface
Δ14CO2 distribution for
2002–2007 if fossil fuel CO2

is the only source that alters
Δ14CO2 (i.e., no other sources
are considered). The range of
the two scales is the same
(40 ‰). Figure modified from
Turnbull et al. (2009b)
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photosynthesize C only during the day, and that the magnitude of photosynthetic
uptake varies with weather conditions and plant growth phase (Bozhinova et al.
2013). Two of the first studies used corn (maize) leaves and annual grasses to map
14C across the USA and within California (Hsueh et al. 2007; Riley et al. 2008).
The spatial pattern measured in corn across North America is broadly matched by
models, with the lowest Δ14CO2 values, indicative of strong CO2ff sources, in the
northeastern USA and on the California coast, and higher Δ14CO2 values over the
central region and Rocky Mountains (Figs. 4.16 and 4.17). In California, variations
in the spatial distribution compared to model simulations show where model
transport could be improved at the regional scale (Riley et al. 2008; Fig. 4.18). For
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example, the model used by Riley et al. (2008) predicts an area of low Δ14CO2

values over Los Angeles. The observations reflect the same broad pattern, but show
even lower values in Los Angeles, and also indicate an area of low Δ14CO2 to the
east of Los Angeles which is not predicted by the model.

Wine ethanol has also been used to map 14CO2, and since wine vintages are
rigorously documented, both the spatial distribution and the recent history of 14CO2

can be obtained (Palstra et al. 2008). In Japan, ubiquitous rice grains provide similar
spatial and historical 14CO2 information (Shibata et al. 2005). In a study of rice,
samples taken near the large number of nuclear power plants in Japan exhibited
higher Δ14CO2 values and were screened out to obtain the CO2ff influence. In
another study of large-scale 14C patterns, flask samples of air were used to map
14CO2 from a train-based platform across Eurasia (Turnbull et al. 2009b). Several of
these samples were influenced by nearby nuclear power plant emissions. The nature
of the near-instantaneous flask samples made it possible to screen out these samples
to reveal the continental-scale 14CO2 gradient, which was generally consistent with
a modeled result.

4.8.3 Quantification of Fossil Fuel Carbon Dioxide
Emissions at the Urban and Regional Scale

At the smaller scale, 14CO2 is commonly used in urban regions to quantify fossil
fuel emissions and to examine emissions of other anthropogenic trace gases. The
method began to be used in a quantitative way in the late 1980s, with several
studies calculating CO2ff in flask samples of air from Europe (Levin et al. 1989;
Meijer et al. 1996; Zondervan and Meijer 1996). Longer time series using CO2

absorbed into alkali from German air followed (Levin et al. 2003, 2008). These
measurements demonstrated large CO2ff enhancements in the city of Heidelberg
relative to clean-air sites (Fig. 4.19).

The 14CO2 method has been shown to be less prone to biases than other tracer
methods of quantifying CO2ff (Turnbull et al. 2006; Djuricin et al. 2010; Fig. 4.20).
However, the utility of the method is limited by two major factors. First, the
accuracy of calculated CO2ff is limited by the 14C measurement precision. Second,
the complex measurement techniques mean that samples must be transported and
analyzed in a laboratory, limiting the temporal and spatial resolution of measure-
ments. Therefore, 14C measurements are often combined with other, more easily
measured tracers to increase the resolution of CO2ff estimates. The most widely
used of the other tracers is CO, which is co-emitted with CO2 during incomplete
combustion. If the CO/CO2ff emission ratio is known, CO2ff can be calculated from
CO measurements, but the emission ratio is variable depending on combustion
conditions, and CO has other sources and sinks (Turnbull et al. 2006). These
confounding problems can often be addressed by obtaining 14CO2 and CO mea-
surements from flasks or time-integrated samples (e.g., air collected in bags) to
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quantify the CO/CO2ff ratio at a given location and time period. The derived
emission ratio can then be used to obtain high-resolution CO2ff from continuous CO
measurements at the same location (Levin and Karstens 2007; Vogel et al. 2010;
Turnbull et al. 2011).

These high-resolution CO2ff estimates from combined CO and 14CO2 mea-
surements have been used in combination with estimates of atmospheric transport
to determine the CO2ff emission flux and compared with reported emission fluxes
from bottom-up inventories. In these studies, the estimated emission fluxes have
been reasonably consistent with reported inventory data, but have large uncer-
tainties that are dominated not by the 14C measurement uncertainty, but by
uncertainties in the atmospheric transport of emissions. Turnbull et al. (2011) used a
simple Gaussian plume model to describe atmospheric transport at the urban scale,
but this type of model requires explicit knowledge of the wind speed and the
planetary boundary layer height (emissions are assumed to mix within the planetary
boundary layer, but not to escape into the free troposphere). The planetary boundary
layer height in particular is difficult to represent in models and is the subject of
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ongoing research. At even smaller scales such as single point source monitoring,
averaging over long time periods may be needed to reduce uncertainties due to
turbulent mixing and obtain reasonable agreement between model and observations
(Turnbull et al. 2014). Van Der Laan et al. (2010) used a different approach,
avoiding the need for explicit knowledge of the meteorological parameters by
correlating their CO2ff measurements with 222Rn. 222Rn is a gas produced by
radioactive decay in the soil and released to the atmosphere. Its short half-life of a
few days and relatively consistent emission across all land regions means that it is
an excellent tracer for boundary layer stability and mixing. By assuming the 222Rn
emissions, and correlating CO2ff with

222Rn, it is possible to back-calculate the
CO2ff emissions. In this method, uncertainties in the 222Rn emissions dominate.
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4.8.4 Other Applications of Fossil Fuel Carbon Dioxide
Measurements

Radiocarbon-derived CO2ff estimates are also useful in quantifying CO2 exchange
with the terrestrial biosphere. Once the CO2ff mole fraction is known, any
remaining CO2 variability over a land region must be ascribed to biological CO2

exchange (including photosynthesis, respiration, biomass burning, and biofuel use).
Contrary to initial expectations, CO2ff is not always the dominant source of CO2

variability even in highly urbanized regions, and respiration can be an important
component, even in winter. A study in Los Angeles, California, USA, in 2007 and
2008, partitioned CO2 sources using

14C, 13C, and 18O. At a highly urbanized site,
in a semi-arid environment, Djuricin and co-workers found that fossil fuel emis-
sions contributed 30–50 % of the total CO2 enhancement relative to background
CO2 values at Trinidad Head in Northern California and background 14CO2 values
at Point Barrow, Alaska (Djuricin et al. 2010; Fig. 4.21). In another study, the
biosphere was shown to contribute up to 30 % of the total CO2 enhancement in
samples taken over Sacramento, California, in February and March 2009 (Turnbull
et al. 2011). This study also found that the biosphere contribution could be different
in sign between the urban area and the surrounding rural region. A third study over
Denver, Colorado, USA, showed that respiration contributed 30–50 % of the total
CO2 enhancement in summer during the morning (Graven et al. 2009). All of these
studies made measurements relative to continental clean-air or free troposphere
background values. When more local background sites are used, it is likely that the
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biosphere contribution in an urban area will appear much smaller, as much of the
biosphere influence is likely coming from the surrounding countryside rather than
the urban area itself.

The CO2ff emission flux, while somewhat uncertain, is better known than fluxes
of most other anthropogenic trace gases. The CO2ff emission flux is known within
3–40 % at the annual, national scale, and within 20–50 % at regional and urban
scales (Gurney et al. 2009; Marland 2010; Peylin et al. 2011). Fluxes of other
species (e.g., hydrocarbons, halocarbons, criteria air pollutants) may be known to
within only 50–100 % at the annual, national scale, and even more poorly at the
urban and regional scales. The emission ratio of CO2ff to another trace gas can
therefore be used to improve the constraint on the flux of any trace gas with sources
that are colocated with fossil fuel combustion. This ratio method avoids the need for
atmospheric transport to be explicitly known or modeled. Meijer et al. (1996)
pioneered this approach to examine CO emissions in the Netherlands, and other
studies have since shown that bottom-up emission inventories of CO for much of
the USA were too high (Turnbull et al. 2006; Graven et al. 2009; Miller et al. 2012),
whereas observed CO/CO2ff ratios were consistent with emission inventories for
Germany and California (Vogel et al. 2010; Turnbull et al. 2011). The same method
has also been used to evaluate hydrocarbon and halocarbon emissions in California
(Turnbull et al. 2011) and the eastern USA (Miller et al. 2012).

4.8.5 Volcanic Carbon Dioxide Emissions

The volcanic CO2 isoflux is very small compared to the other isofluxes and hence is
ignored at the global and regional scales. Yet offsets in local atmospheric 14CO2 are
measurable in volcanic calderas and within 1 km of springs and seeps where there is
outgassing of 14C-free magmatic CO2; this can be thought of as a natural analogue
to the 14CO2 depletion near cities and power plants where fossil fuel burning is
concentrated. One of the first measurements of local 14CO2 depletion attributable to
volcanic activity was made on reeds and tree leaves at the shores of a lake in the
volcanic Eifel region of western Germany with extensive CO2 bubbling. Plants
growing next to the lake showed Δ14C decreases of*100 ‰, but the depletion was
undetectable *100 m from the lake (Bruns et al. 1980). Other studies have shown
that at the very local scale, 14CO2 can be used as a sensitive tracer of CO2 out-
gassing, just as it is a sensitive tracer of fossil fuel combustion at larger scales
(Pasquier-Cardin et al. 1999; Saurer et al. 2003).
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4.9 Atmospheric Radiocarbon in Other Compounds

4.9.1 14CO as a Detector for Hydroxyl Radicals

The isotope 14CO tells a very different story about the atmosphere than 14CO2.
Produced naturally in the upper atmosphere, 14C oxidizes extremely rapidly to
14CO. The oxidation of 14CO by hydroxyl radical (OH) to 14CO2 occurs with a
timescale of about two months (Weinstock and Niki 1972). Hydroxyl radicals
provide the oxidizing power of the atmosphere, removing many important trace
gases, including CH4, CO, volatile organic compounds, and hydrochlorofluoro-
carbons. OH is produced naturally in the atmosphere during sunlit hours and its
high reactivity means that it has a fleeting atmospheric lifetime of only a fraction of
a second, making it extremely difficult to directly measure and study (Krol and
Lelieveld 2003). OH might be expected to vary due to changes in its production and
changes in the abundance of the trace gases which react with it. This variability in
OH can have significant consequences for the global atmosphere. For example,
lower OH production would result in a longer atmospheric lifetime for CH4, a
strong greenhouse gas (Kirschke et al. 2013). If the 14C production rate is known,
then measurements of 14CO concentration provide a method to indirectly estimate
OH abundance and variability via its effect on CO lifetime.

This method has been used to estimate short-term variations in OH of 10 % in
the Southern Hemisphere high latitudes (Manning et al. 2005; Fig. 4.22), which are
attributed to volcanic and biomass burning emissions. Hemispheric differences in
OH abundance can also be tested with 14CO (Jöckel and Brenninkmeijer 2002). The
short lifetime and high-altitude source of 14CO makes it more sensitive to OH
concentrations at high altitudes and high latitudes than to OH concentrations at low
altitudes and low latitudes (Krol et al. 2008). The distribution of 14CO can addi-
tionally be used to test stratosphere–troposphere exchange in atmospheric models
(Jöckel and Brenninkmeijer 2002).

4.9.2 Fossil Methane Source Identification

Methane, like CO2, is a greenhouse gas with both natural and anthropogenic
sources. Methane levels have increased from *800 parts per billion (ppb) in the
preindustrial era to 1800 ppb at present. The CH4 budget is more complex than that
of CO2, with a plethora of sources, and unlike CO2 it is oxidized in the atmosphere
with a lifetime of about 10 years (Kirschke et al. 2013). The 14C content of CH4 is
one way of elucidating the CH4 budget. Fossil CH4 sources are

14C-free, whereas
CH4 produced from modern biomass by microorganisms (e.g., in rice paddies,
termites, and cows) and fires has a 14C content similar to that of the atmosphere.
The fossil fraction can, in principle, be obtained in an analogous manner to CO2ff

(Townsend-Small et al. 2012). However, 14CH4 from nuclear power generation
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comprises perhaps 20–40 % of the 14CH4 budget (Quay et al. 1999), complicating
the interpretation of 14CH4 measurements. Nevertheless, observations and modeling
have estimated the fossil CH4 fraction from 14CH4 measurements at *30 % versus
20 % from bottom-up CH4 emission inventories (Lassey et al. 2007).

A novel and challenging use of 14CH4 measurements has been to identify the
cause of the abrupt CH4 increase from about 500 to over 700 parts per billion
(ppb) during the Younger Dryas–Preboreal transition about 11,600 years ago
(Petrenko et al. 2009; Fig. 4.23). Several mechanisms could have driven the CH4

increase, with increased wetland CH4 emissions and destabilization of marine CH4

hydrate (solid CH4 and water mixtures quite commonly found on the ocean floor)
being the most likely. Tiny amounts of CH4 were extracted from air bubbles in
*1000 kg of Greenland ice and measured for 14CH4. Wetland 14CH4 should be
similar to that of the contemporaneous atmosphere, whereas CH4 hydrate CH4 was
ancient and contained no 14C. The measurements were confounded by in situ
cosmogenic production of 14CH4 molecules in the Arctic ice. After modeling
cosmogenic production to remove this effect (which increased Δ14CH4 by about
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200 ‰), the researchers found that Δ14CH4 during the Younger Dryas—Preboreal
transition stayed roughly constant at about 180 ‰. The CH4 hydrate hypothesis
predicts a decrease of Δ14CH4 to about −200 ‰ during this period, so the CH4 rise
must have been due primarily to wetland sources, and not due to large-scale CH4

hydrate destabilization.
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4.9.3 Aerosol Source Attribution

Aerosols are another important area of atmospheric research, having both a climate
effect and a negative impact on human health. As for other atmospheric trace
species, understanding the sources is a critical part of the puzzle, and aerosol
sources can be partitioned into fossil and biogenic components using 14C mea-
surements of the C in the aerosols.

Radiocarbon measurement can determine the fossil fuel contribution to total
aerosol (or a collected size range) versus biogenic sources. Yet this misses an
important part of the story, as anthropogenic biomass burning is also a substantial
contributor to aerosols which cannot be distinguished from natural biogenic sources
of aerosol. The elemental C (soot) fraction of aerosols is unique in being produced
only as primary particles from fossil fuel combustion and biomass burning, whereas
the organic C aerosol component is a mixture of primary sources including fossil
fuel, biomass burning, and natural biogenic materials such as plant debris and
pollen as well as secondary aerosol formed from gaseous precursors (Slater et al.
2002).

A study in Zurich, Switzerland, in 2002 and 2003 separated and measured both
the soot and organic aerosol fractions (Szidat et al. 2006). The Δ14C of the soot
fraction ranged from less than −900 ‰ in summer to −750 ‰ in winter. They
assigned a biomass burning Δ14C of 240 ‰ in Zurich, assuming residential wood
burning of 30- to 50-year-old wood, and fossil fuel Δ14C of −1000 ‰. Using a
simple two-member mixing model akin to the fossil fuel CO2 method (Sect. 4.8),
they determined that soot aerosol is produced solely by fossil fuel combustion in
summer, but in winter, biomass burning contributes up to 25 %, even though
biomass burning is only a tiny portion of local energy use. In contrast, organic
aerosols had Δ14C values of about −200 ‰ in all seasons of the year. This implies
that the fossil fuel contribution was about 30 % of organic aerosol throughout the
year. By assuming a consistent emission ratio of soot and organic biomass burning
aerosols, they could further show that of the remaining non-fossil 70 % of organic
aerosol, anthropogenic biomass burning was the main contributor in winter, but that
natural biogenic sources became dominant in summer.

4.10 Conclusions and Future Directions

4.10.1 Improved Radiocarbon Measurement Techniques
and Comparability

Atmospheric 14C measurements are expanding to measure new trace gas species
and to answer ever more detailed questions about our Earth System. A major
limitation is the sample size requirement and difficulty of both AMS and decay
counting measurement techniques. Currently, single sample AMS precision in
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Δ14CO2 is ±2 to ±5 ‰, with only a few laboratories able to achieve precision of
±2 ‰ or better. In comparison with other materials that are measured for 14C, the
analysis of atmospheric samples of CO2 requires less sample handling, while the
required level of precision is higher. Therefore, laboratories measuring 14CO2 have
initiated intercomparison activities specific to 14CO2 (Miller et al. 2010, 2013;
Graven et al. 2013; Turnbull et al. 2013), in addition to the routine 14C inter-
comparison activities that use solid materials (e.g., Scott et al. 2007). The 14CO2

intercomparison will identify any laboratory offsets specific to 14CO2 with high
precision and enable measurements from different laboratories to be merged.
A further issue that needs to be addressed is the comparability of measurements of
CO2 from flask samples conducted by AMS to those of integrated CO2 samples
conducted by counting techniques. Addressing this issue will require measurement
and interpretation of atmospheric variability that is captured in flask sampling but
averaged over by continuous sampling.

As global 14CO2 decreases and CO2 mixing ratio increases through time, the
sensitivity of 14CO2 to CO2ff is gradually decreasing, so that the same measurement
precision will result in larger CO2ff uncertainties. Incremental improvements in
AMS precision can drive down this uncertainty and expand the CO2ff detection
capability. Measurement precision drops markedly with small sample sizes, par-
ticularly limiting the usefulness of 14C measurements for the less abundant trace
gases. Developments in measuring smaller sample sizes to better precision will
open up many more possibilities for the use of 14C in atmospheric studies.

Optical 14C measurement techniques currently under development have the
potential to revolutionize this field, particularly for 14CO2, which could then be
measured in situ at high resolution. Advances in laser technology mean that lasers
can now be created with a very fine range of output wavelengths. The general
principle is that a laser can be tuned to a specific wavelength where 14CO2

absorption occurs. The amount of absorption of that laser light as it passes through
air or concentrated CO2 would determine the 14CO2 content. The particular chal-
lenges for optical measurement of 14CO2 arise from its very low abundance. First,
broadening of nearby absorption lines of other gases, particularly 12CO2 and

13CO2,
likely obscures many of the 14CO2 absorption lines. Second, the low abundance will
also mean that detection of absorption is difficult. Preconcentration of air into pure
or at least much higher CO2 concentration is needed, and the path length through
the cell will need to be extremely long Galli et al. (2011). The initial results are
promising, but much work remains to demonstrate reliable high precision on rea-
sonably sized samples. It is likely that other similar methods will also be investi-
gated over the next few years.
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4.10.2 Developing Radiocarbon Observations
into Policy-Relevant Fossil Fuel Carbon Dioxide
Emission Estimates

The use of 14CO2 has gradually been recognized as the best way to quantify CO2ff

from atmospheric observations. It may provide the only method for objectively
verifying reported CO2ff emissions. This will likely remain the most important, and
expanding, field of atmospheric 14C research for quite some time. To this end,
observation networks will need to be expanded, the techniques for inferring CO2ff

emissions from the atmospheric observations will need to evolve, and a larger
capacity for 14CO2 measurements will be essential.

In order to provide relevant estimates of CO2ff emissions, a reasonable target for
14CO2 observation and modeling programs is to aim toward achieving uncertainties
of roughly ±20 % in CO2ff emissions. This level of uncertainty is similar to the
differences in bottom-up inventories estimated by different groups for regions
encompassing whole countries, groups of neighboring countries, or individual cities
or states/provinces (Marland et al. 2006; Rayner et al. 2010; Peylin et al. 2011). Of
course, this may underestimate the actual uncertainty because of shared biases due
to the use by different groups of the same economic data and similar extrapolation
techniques. In any case, this level of uncertainty is larger than the agreed-upon
emission reductions for most nations that ratified the Kyoto Protocol (less than
10 %). Therefore, observational techniques using 14CO2 are likely to be employed
as a method for validating bottom-up inventories, rather than providing a precise
top-down estimate of fossil fuel emissions that verifies that emission reductions
have been achieved by an individual country.

Even accuracies of ±20 % in CO2ff emissions will be challenging to achieve
from atmospheric observations. Pacala et al. (2010) estimated the CO2ff enrichment
for several large urban regions to be 3–15 ppm, depending on the total emissions,
population density, and meteorological characteristics of each city. This equates to a
Δ14CO2 decrease of −6 to −40 ‰. Continental-scale signals in Δ14CO2 caused by
regionally concentrated CO2ff emissions are likely to be −5 to −20 ‰, as shown in
Sect. 4.8.2 (e.g., Hsueh et al. 2007). Attaining ±20 % uncertainty in CO2ff emis-
sions will therefore require reducing the combined uncertainties in the measurement
of 14CO2, in the specification of non-fossil influences to 14CO2, and in modeled
transport from their present levels.

Understanding atmospheric transport is perhaps the most difficult problem in
interpreting atmospheric 14CO2 measurements. The methodology for quantifying
CO2ff mole fraction in atmospheric samples is now well established, but translating
those atmospheric observations to emission fluxes is still challenging.
Improvements in atmospheric transport models can potentially solve this problem
by more accurately describing the transport of emissions to the observation site.
Other approaches can reduce the reliance on atmospheric transport models. Levin
et al. (2008) showed how long-term 14CO2 measurements at a single site, paired
with long-term observations at a mountaintop reference site, could be used to detect
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changes in emissions through time. This technique reduces the reliance on
knowledge of atmospheric transport, assuming that interannual variations and
trends in winds or boundary layer ventilation do not change the influential source
regions or the dilution of surface emissions. In Sect. 4.8.3, we described how Van
Der Laan et al. (2010) used 222Rn to constrain planetary boundary layer mixing
without the need for explicit transport models, although this method instead
requires 222Rn emissions to be well-known.

On the other hand, since the CO2ff emission flux is arguably better known than
that of any other species, 14CO2 measurements have another potential use: to
validate and improve atmospheric transport models. Combining 14CO2 observa-
tions, particularly vertically resolved observations, with forward models that use
bottom-up emission inventories as surface fluxes could identify model biases in the
transport of emissions. Model-data evaluations using 14CO2 are likely to be
effective in regions with well-quantified bottom-up emissions, such as the USA
(Gurney et al. 2009). Achieved improvements in model transport could then be
employed in regions with less well-quantified emissions, such as Asia (Gregg et al.
2008).

Continued observations of 14CO2 in background air are also needed. Such
background observations provide information on fossil fuel emissions at global
scales through the observation of the long-term trend or interhemispheric gradient
of 14CO2. Currently, uncertainties in the non-fossil contributions to the trend and
gradient, primarily the oceanic contribution, limit the use of 14CO2 to estimate
global emissions (Levin et al. 2010). Improvements in quantifying non-fossil
influences on background 14CO2 could enable global-scale estimates of fossil fuel
emissions to be achieved in the future.

4.10.3 Detection of Climate-Related Changes in Air–Land
or Air–Ocean Carbon Exchanges

The feedback between anthropogenic climate change and the global C cycle rep-
resents one of the largest uncertainties in future projections of global warming
(Jones et al. 2013). Several possible mechanisms have been proposed that would
reduce the uptake of anthropogenic CO2 or release currently stored C as the climate
warms, thereby enhancing the accumulation of atmospheric CO2 and the increase in
surface temperatures in the future. However, the potential strength of these feed-
back mechanisms is not well understood. At least two of the proposed mechanisms
would significantly perturb 14C exchange with the atmosphere, so that observations
of 14CO2 may provide a method for detecting climate C feedbacks.

Thawing of arctic permafrost has the potential to release large amounts of
long-sequestered C to the atmosphere in the form of CO2 and CH4. Since this C is
likely to be old, 14CO2 and 14CH4 measurements could be used to quantify these
releases through the observation of an anomalous negative isoflux in the northern
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high latitudes. The geographic separation should allow “old” permafrost emissions,
concentrated in northern high latitudes, to be distinguished from fossil fuel emis-
sions, concentrated in northern mid-latitudes. Coordinated observations of 14CO2,
14CH4, and other trace gases may further refine the separation of permafrost from
fossil sources.

Climate change may also release old CO2 from the deep ocean through
enhancement in the wind-driven upwelling of the Southern Ocean, a process that
has been proposed to have already begun, in part because of strengthening of
Southern Hemisphere winds by stratospheric ozone depletion (Le Quere et al. 2007;
Lovenduski et al. 2007). Enhanced upwelling of deep waters in the Southern Ocean
causes an anomalous negative isoflux by exposing greater amounts of old water,
containing older C, to the air. Observations of enhanced local gradients or trends in
14CO2 over the Southern Ocean may therefore enable an anomalous CO2 release to
be quantified.

The centennial-scale variability in interhemispheric offset of atmospheric 14CO2

(Hogg et al. 2002) also remains unexplained. Changes in ocean or atmospheric
circulation have been suggested as causes (McCormac et al. 2002; Knox and
McFadgen 2004), but whether the observed variations are consistent with what is
known about ocean and atmosphere dynamics has not been evaluated.

The distribution of 14CO2 in the atmosphere over the last few decades could
provide more information on the ocean–atmosphere gas exchange velocity, par-
ticularly in the Southern Ocean (Krakauer et al. 2006). Most studies of ocean bomb
14C uptake have used only seawater 14C measurements to constrain ocean uptake,
but measuring bomb 14C in Southern Ocean water samples is particularly difficult
because it is very dilute (Broecker et al. 1980; Peacock 2004; Levin et al. 2010).
Several studies have shown that both the current rate of decline of atmospheric
14CO2 and its gradient between the tropics and the Southern Ocean are sensitive to
ocean–atmosphere gas exchange over the Southern Ocean, a process that is
otherwise difficult to measure.

Radiocarbon provides an immensely powerful tool in understanding
C-containing constituents of the atmosphere and their sources and variability. In the
past atmosphere, 14C measurements shed light on ocean C cycle processes as well
as cosmic ray flux variability. Recent advances have made 14CO2 measurements the
tool of choice in constraining CO2ff emissions in the modern atmosphere and
potentially a key to understanding the fate of those emissions as they are taken up
into the ocean.
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